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Summary

A two-column model of the tropical atmosphere is developed. The two
columns are kept in buoyancy equilibrium by mass exchange driven by the
inter-column pressure gradient, and diabatic processes are parameterized by
highly simplified schemes. This model is used to investigate whether spon-
taneous large-scale circulations will develop in the tropical atmosphere when
the sea surface temperature and solar radiative forcing are uniform. Such
circulations do indeed develop in the model, with ascent in one column and
descent in the other, when one of the columns is slightly perturbed from
the initial state of radiative-convective equilibrium. A key element of the
circulation dynamics is that increased equivalent potential temperature in a
column leads to enhanced convection and rainfall in that column, which fur-
ther increases the equivalent potential temperature there. The latter effect
arises because convection enhances surface heat fluxes and decreases outgoing
longwave radiation by virtue of the increase in stratiform cloudiness. These
results form an attractive explanation for the observed patchiness of deep
convection over warm tropical oceans and suggest that further modeling and
observational work be directed toward understanding the budget of equiva-
lent potential temperature in the tropical atmosphere and its relationship to

rainfall.



1 Introduction

Given spatially uniform sea surface temperature (SST) and solar forcing, will large-scale
circulations involving deep convection develop in the tropical troposphere? This is a
fundamental question which remains unanswered in tropical meteorology.

Observations would seem to favor an affirmative answer to the above question. SST
is a rough guide to the existence of deep convection over tropical oceans, in the sense
that deep convection only occurs when the SST exceeds some threshold which is of order
26° C-27° C. However, once the SST exceeds this threshold, it loses its predictive value.
Waliser and Graham (1993) showed that the highest SSTs tend to be associated with
much less deep convection than slightly more modest values. As Gray (1973) indicated,
only of order 20% of the warm-water regions of the tropics are covered by heavily pre-
cipitating deep convection, the rest experiencing either convection of low precipitation
efficiency or no deep convection at all. Thus, something besides SST must be organizing
the distribution of deep convection over warm tropical oceans. The organizing mecha-
nism may be an instability of some kind which results in the partitioning of these regions
into areas of enhanced and suppressed convection. However, an alternate possibility is
that middle latitude variability is overflowing into the tropics and influencing the dis-
tribution of deep convection there. A better understanding of the factors controlling
tropical deep convection is thus needed to answer the above question.

Theory and modeling so far have been of little help with respect to this question,
partly because different treatments of diabatic processes lead to such different results,
e. g., Raymond (1994), Chao and Lin, (1994), Yano, McWilliams, and Moncrieff (1996),
and partly because most numerical simulations to date have included factors such as
latitudinally varying Coriolis parameter or imposed large scale forcing of some kind
(Xu and Arakawa, 1992; Xu, Arakawa, and Krueger, 1992). These factors impose their
own organizing principles and thus confound attempts to recognize self-organization by
convection.

Note that we consider convective forcing to be thermodynamic rather than dynamic



in nature, i. e., we aren’t concerned with how conditionally unstable parcels are lifted
to the level of free convection. On sufficiently small space and time scales, dynamic
forcing is important, and self-sustaining convective systems are known to be possible as
long as thermodynamic conditions remain favorable (see, e. g., Rotunno and Klemp,
1985; Rotunno, Klemp, and Weisman, 1988). However, ultimately thermodynamics
must dominate on sufficiently large scales (Raymond, 1995).

The analysis of dry convection is facilitated by the fact that the variable which
governs the buoyancy of parcels, namely the potential temperature, is also conserved
in internal convective processes. The amount of convection is thus a function of the
strength of non-conservative processes which destabilize the environmental profile of
potential temperature.

For moist convection, potential temperature, which still governs buoyancy (except
for virtual temperature effects), is not conserved. The equivalent potential temperature
is (nearly) conserved by moist convection, but it is not directly related to the buoyancy.
Thus, a theoretical model of moist convection is necessarily more difficult than for dry
convection.

Common sense would suggest that there ought to be at least a rough relationship
between the humidity of the atmosphere and the propensity for precipitation to occur.
There are a number of reasons for this. Entrained dry air promotes the dissipation of
cumulus clouds, and it also can lead to the evaporation of rain before it reaches the
surface. Ferrier, Simpson, and Tao (1996) showed that environmental humidity is an
important factor in the precipitation efficiency of numerically modeled deep convection.

Convection by itself cannot change the equivalent potential temperature of parcels,
but it can redistribute parcels in the atmosphere. In particular, deep convective down-
drafts tend to transport low equivalent potential air downward from mid-levels, thus
reducing its value at low levels, as shown by Zipser (1969). This reduces the humidity
of air at low levels.

Postulating these two effects, namely the strong dependence of precipitation rate on



humidity and the tendency of deep convection to reduce humidity, one can imagine a
feedback process in which the tendency of precipitating convection to dry the atmosphere
is just balanced by the tendency of other processes to moisten it. If the time scale for
these tendencies to adjust the humidity is short compared to the time scale of interest,
the humidity profile will tend to remain near the equilibrium profile in which these op-
posing tendencies are in balance. This is a variation on the convective quasi-equilibrium
hypothesis of Arakawa and Schubert (1974). Building on the work of Neelin and Held
(1987), Raymond (2000b) showed under certain more or less plausible assumptions that
the adjustment time for humidity is of order a day or less in a region of pre-existing
heavy precipitation, whereas it can be much longer in regions which are clear and dry.

The balance discussed above has a further consequence. If a net source of equivalent
potential temperature develops in a region, then the convection and precipitation rate
must increase in order to maintain the above balance. Thus, the net source of equivalent
potential temperature controls the amount of convection and precipitation.

Neelin and Held (1987) defined a parameter called the gross moist stability (GMS)
as the ratio of the moist static energy transport through a region of convection to the
mass transport through the region. The GMS is thus the mean increase in the moist
static energy of parcels passing through the convection. We adopt here an alternative
definition of GMS as the mean increase in equivalent potential temperature of a parcel
passing through convection. The GMS is a measure of the efficiency with which the
net source of equivalent potential temperature produces moist ascent and precipitation.
Smaller values mean that a given equivalent potential temperature source produces more
of these quantities.

In the absence of radiation, surface fluxes, and dissipative processes, the GMS will
be zero, as there would be no processes which could alter a parcel’s equivalent potential
temperature. Figure 1 shows the dominant processes which change the equivalent po-
tential temperature in deep convective areas relative to clear regions. Surface latent and

sensible heat fluxes are often enhanced in convective regions due to downdraft air coming
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Figure 1: Two processes increase equivalent potential temperature in deep convective
areas relative to clear regions, namely, enhanced surface sensible and latent heat fluxes
and the absorption of longwave radiation by stratiform cloud bases. On the other hand,
interception of shortwave radiation by clouds reduces heating in the lower troposphere.
The net effect of longwave cooling and solar heating at cloud top is uncertain at this

point due to uncertainties in shortwave radiative absorption there.



in contact with the surface, and due to the enhanced gustiness of winds in such regions
(Zipser, 1969). Furthermore, the bases of convectively produced stratiform clouds inter-
cept upwelling longwave radiation. This can result in strong, localized radiative heating
at these cloud bases, relative to clear regions (Albrecht and Cox, 1975).

The interception of downwelling shortwave radiation by high clouds reduces radiative
heating by shortwave absorption in the lower half of the troposphere. According to Cox
and Griffith (1979), this reduction at low levels in convectively active regions is equal to
about half of the increase in heating due to the increased absorption of upwelling long-
wave radiation. It is partially compensated by cloud absorption of shortwave radiation
at high levels.

The source of equivalent potential temperature divides naturally into two parts, an
externally forced part and a part which is associated with the presence of convective
clouds. External contributors to enhanced surface heat fluxes are high SSTs and exter-
nally generated strong boundary layer winds. Layer clouds advected in from elsewhere
can also affect the radiation balance so as to generate an equivalent potential tem-
perature source. Internally generated contributors are enhanced surface fluxes due to
the action of convective downdrafts and the above-described effects of locally produced
stratiform cloudiness.

High SSTs and strong surface winds are well-known contributors to deep convection
and precipitation over warm oceans in agreement with the above predictions. Less well
understood is the degree to which convectively produced anomalies in the equivalent
potential temperature source are themselves effective in generating additional deep pre-
cipitating convection. If internal production is effective in this way, then we have a
potential feedback mechanism which can lead to the development of a large-scale insta-
bility and the spontaneous partitioning of the atmosphere over warm tropical oceans into
regions of active and suppressed convection. Raymond (2000a) found that the equivalent
potential temperature source produced by cloud-radiation interactions was sufficient to

generate an intertropical convergence zone in a zonally symmetric model even when the
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Figure 2: Representation of a tropical circulation in a homogeneous environment by a

two column idealization.

SST is meridionally uniform.

This paper explores the efficacy of the above feedback process in the context of a
two-column model of tropical circulations similar to that proposed by Pierrehumbert
(1995) and Nilsson and Emanuel (1999). In particular, we pose the following question:
Imagine two atmospheric columns, each of which represents the mean conditions in a
homogenous region with a horizontal scale much larger than a single convective system.
If the columns have identical SSTs, solar inputs, etc., and are initially in radiative-
convective equilibrium, will a perturbation to one of the columns intensify or decay with
time? If the two-column system is unstable in that the perturbation grows with time,
then it is likely that the tropical atmosphere will exhibit a similar instability.

The fundamental idea of a two column model is that gravity waves rapidly redis-
tribute buoyancy anomalies in the deep tropics, so that density differences between
neighboring regions of ascent and descent are minimal, at least above the atmospheric

boundary layer. The regions exchange mass as a result of gravity wave action so as to



relax toward zero density or pressure difference between them at each level. The result
is a vertical circulation between the two regions, as illustrated in figure 2.

As Mapes (1993) showed, the differing speeds of gravity waves with different vertical
wavelengths makes the actual adjustment toward buoyancy equilibrium at any given level
a complex function of the vertical normal mode structure of the excited gravity waves.
The replacement of this process by a simple relaxation is therefore an idealization which
approximates the actual process only in the long-time limit. A consequence is that the
simulated density differences between the two columns are not necessarily representative
of those occurring in the real world, and only those inter-column differences which are
independent of those density differences are physically significant. This is a significant
caveat regarding models of this type.

The diabatic processes in our two-column model are represented using the diabatic
parameterizations of Raymond and Torres (1998) as modified and extended by Raymond
(2000a). Section 2 describes the model and a small extension made to the radiation
parameterization to take into account the existence of fractional cloud coverage in each
column. In section 3 we demonstrate that the model is unstable in the sense described
above, whether cloud-radiation interactions are taken into account or not, though the
instability is stronger when such interactions are turned on. In section 4 the mechanisms
of this instability are analyzed in terms of the equivalent potential temperature budget.

Conclusions and a discussion are presented in section 5.

2 Model

In this section the two column model is developed. The anelastic governing equations
in geometrical coordinates for mean density p(z), equivalent potential temperature 6.,

and total water mixing ratio r; (vapor plus advected condensate) are

L pw) = =9 (o) 0
200 D (phew) =~V - (phon) + S, @)
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dpry 0 B
5 T &(pnw) = =V (praa) + pS, (3)

where u is the horizontal wind, w is the vertical wind, V is the horizontal gradient, and

S. and S, are the convective tendencies of equivalent potential temperature and total
water mixing ratio.

In all two column models, terms like V - (pu) must somehow be approximated. If
the two column model is representing the flows in two regions of a non-rotating envi-
ronment, then the net effect of the explicit dynamics of the model must be to drive
the two columns toward buoyancy equilibrium with each other. To the extent that this
buoyancy equilibrium is reached, the exact choice of mechanism should not be impor-
tant. Therefore, we choose a mechanism derived from scaling the horizontal momentum

equation in a non-rotating environment:

dpu  Op
% 8:17+"" (4)

where u is the horizontal wind and p is the pressure, and where nonlinear terms have been
neglected. Assuming a horizontal scale of Az and approximating the time derivative by
Newtonian relaxation on a time scale 7, the above equation becomes

N _7(pr —p)

where p and p, are respectively the pressures in the test and reference columns and U is
the wind blowing from the test to the reference column. The pressure in each column is
obtained from integrating the hydrostatic equation down from a common pressure value
at the top of the domain.

In the present work the equivalent potential temperature is defined
0. = O exp(er) (6)

where 0 is the potential temperature, r is the water vapor mixing ratio, and e = (L. +
L;)/(CpTg). The quantities L. and Ly are the latent heats of condensation and freezing,

C) is the specific heat of air at constant pressure, and T = 300 K is a constant reference
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temperature. We also make the approximation r &~ r;, which means that the grid scale
liquid water is ignored. The convective parameterization rapidly removes liquid water, so
this approximation is quite accurate. The potential temperature profile in each column
can be computed from 6, and r,; using the above approximation, from which the pressure
profile can also be computed using the hydrostatic law.

Making the further approximation V - (pu) ~ pU/Ax, we have

E=-V-(pu) =~ u(p, —p), (7)
where
pn=71/(Az)? (8)

is the inter-column coupling constant.

Similar treatments for the corresponding terms in the equivalent potential tempera-

ture and total water equations yield

-V - (pbeu) =< 6, > E, (9)

-V (priu) =<r, > E, (10)
where < 6, > and < r; > are the values of 6. and 7; on the edge of the test column.
If there is no horizontal mean wind, then the flow is either all inward (u-n < 0) or
all outward (u-n > 0) at each level. In the former case one can replace < 6. > and
< r; > by their reference column values, which we call 6., and r,.. On the other hand,
for outward flow the values of 6., and r, on the area boundary are equal to their test
column values, or just 6. and r;.

If there is horizontal advection, then ventilation of the column will occur, with the
flow partly into the test column and partly out at each level. In this case estimating
< 0. > and < r; > is more complex. It is difficult to account for ventilation in a two
column model, so we ignore this possibility here.

Using the above ideas, the governing equations (2) and (3) can be recast as equations
for the test column:

dpb. 0
a_ e = e E e 11
5 +8z(,09 w) =<46.>E+pS (11)
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and

dpry 0 B
5 + &(prtw) =<r;>E+pS,. (12)

One additional piece of information is needed to close the system, namely the vertical

velocity in the test column. This may be obtained from the anelastic mass continuity

equation:
w:l/zEdz’. (13)

pJo

So far we have assumed that the reference column is infinite in extent, which means
that the values of variables in the reference column remain fixed. However, we can
extend the analysis to the case of a reference column of finite area by adding evolution
equations for this column. If the ratio of the areas of the test and reference columns is

€, then these equations take the form

0p0e; 0
a_ erWr) = — e E er
5 +8z(,09 wy) €e<b.>FE+pS (14)
and
opry 0 B
5 + &(prwwr) =—e<r>FE+pS,, (15)

where by mass continuity we have
PW, = —€PW. (16)

The potential temperature and mixing ratio source terms in the reference column are
denoted S, and S,,.

The usual interpretation of 7 in the context of Newtonian relaxation is that of a
dissipative time constant. However, as discussed in the introduction, the mechanism
for adjustment of neighboring atmospheric columns in the tropics is more likely to be
gravity wave propagation. An alternate interpretation of 7 is the time required for a
gravity wave to propagate out of the test column and into the reference column. If Ax is
interpreted as the size of the test column and c is the speed of gravity wave propagation,
then we have

T~ Azx/c, (17)
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and

w=1/(cAx). (18)

Thus, for example, if ¢ = 50 m s~' and Az = 2000 km, then g = 10~° ks km 2. This
corresponds to a relaxation time of 7 = Az /c & 40 ks, or about half a day. This is much
shorter than the large scale dissipation times usually assumed for the tropics, which
suggests that gravity wave adjustment rather than dissipation dominates, at least for
length scales of a few thousand kilometers.

The radiation model of Raymond and Torres (1998) simulates the emission and
absorption of thermal infrared radiative fluxes by clouds by adding a cloud absorption
coefficient k. to the clear air absorption coefficient x; in the optical depth equation for
each radiation channel i:

dr; = p(Cik; + rike)dz, (19)

where r; is the condensed water mixing ratio. If the condensed water consists of spher-
ical droplets of uniform radius R, and if the radiative flux consists only of vertically

propagating beams of radiation, then
ke = 3/(4Rpu), (20)

where p,, is the mass density of condensed water. If, more realistically, radiation is close
to isotropic, then the value of k. will be somewhat bigger for the same condensed water
distribution.

About 20% of the downwelling solar radiation is absorbed by the clear atmosphere
(Liou, 1980). In the Raymond-Torres model, this solar fraction is treated like thermal
radiation, in that it is not scattered. (See Raymond and Torres, 1998, for details.)
Clouds absorb this downwelling radiation in the model when they are present, causing a
certain amount of solar heating of cloud tops to occur. The magnitude of this effect in
nature is unclear at this point, due to uncertainties in our knowledge of cloud absorption
processes (Cess, et al., 1995; Ramanathan, et al., 1995; Stephens, 1996; Cess and Zhang,
1996; Valero, et al., 1997; Cess, et al., 1999).

13



Of possibly greater dynamical importance is the absorption of upwelling longwave
radiation by the undersides of opaque mid-level stratiform clouds. The resulting heating
has a large effect on the equivalent potential temperature budget in the tropical tropo-
sphere. The opacity of such cloud layers greatly reduces the uncertainties in longwave
radiative heating — basically, all upwelling radiation is dumped in a layer near cloud
base, the exact thickness of which is unimportant as long as it is considerably less than
the cloud depth.

Another problem with the Raymond-Torres radiation parameterization is that each
grid box is assumed to have uniform cloud coverage. This grossly overestimates the
radiative effects of clouds in many cases, since it is rare for a region the size of the grid
box of a global model to be uniformly covered with high cloud. We solve this problem
here by assuming instead that some fixed fractional area f. of each grid box is covered
by clouds. Radiative calculations at each time step are done twice in each grid box, once
with clouds and once without. The net effect on the grid box is then taken to be the
average of the radiative effects in the cloudy and clear regions weighted respectively by
feand 1 — f..

The model is run by integrating the finite difference analogs of equations (7) and (11) -
(16) forward in time. The vertical domain is about 20 km, the vertical cell size a uniform
0.75 km, and the time step 0.5 ks. Upstream differencing in flux form (Smolarkiewicz,
1983) is used to integrate the equations. Comparisons with more sophisticated schemes
show that the diffusive property of upstream differencing isn’t particularly detrimental
to the present calculations, since diffusion only occurs when vertical motion and hence
vertical transport already exists. Furthermore, upstream differencing tends to suppress
certain numerical instabilities which develop out of the interaction between the explicit

integration and the diabatic parameterizations.
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Parameter Value Meaning

Tss 300 K Sea surface temperature
Uesy 5ms! Effective surface wind speed
Ch 0.001 Drag coefficient

As 0.1 ks™! Stratiform rain constant

Ap 2 x 107 ks™* | Convective rain constant

Ae 200 ks ! Evaporation constant

R 10 pm Effective drop radius

Table 1: Model parameters for the calculations in this paper. The effective surface wind
speed is U.;; = (U + W?)1/2 where U is the actual wind speed and W is the gustiness

parameter, as defined by Raymond and Torres (1998).

3 Stability of coupled columns

We now ask whether two coupled columns initially in radiative-convective equilibrium
return to this equilibrium state following a perturbation to the mixing ratio profile of

one of the columns of the following form:
re(2) = ro(2)[1 + H(z/zs) exp(1 — z/25)], (21)

where ro(z) is the radiative-convective equilibrium profile of mixing ratio, z; = 3 km,
and H is 0.1. We present a set of simulations with different values of the inter-column
coupling parameter u, assuming that € = 1, so that the subsidence region is the same
size as the ascent region. We employ the model parameters shown in table 1.

We test for instability with s, = 75000 m® kg~' km ™', which reflects an effective
radius for cloud particles of R = 10 um. Values of the inter-column coupling constant
are set to u = (1,2,5,10,20,50) x 1076 ks km™2. Three different cases with different
cloud fractions are investigated, namely with f. = (0,0.5,1.0).

Instability develops in the model with cloud radiation interactions both off (f. = 0)
and on (f, = 0.5,1.0). Figure 3 shows the evolution of the precipitation in the test

15
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Figure 3: Evolution of rainfall rates in the test and reference columns for the case with

fo=0and g =20 x 107% ks km 2.

and reference columns for f. = 0 and p = 20 x 1079 ks km™2. Approximately 4000 ks
(~ 45 d) is required in this case for the rainfall rates in the two columns to relax to
equilibrium.

Figure 4 shows the mass flux M between the two columns, calculated as the vertical

integral of the positive part of F,

M = Edz, (22)
E>0

for all test cases. Larger values of i lead to shorter relaxation times in all cases. Stronger
cloud-radiation interactions (as indicated by larger values of f.) lead to much shorter
relaxation times as well, with relaxation occurring in periods as short as &~ 700 ks (about
8 d) for the largest values of y and f..

The difference between the test and reference column equilibrium rainfall rates is a
good measure of the strength of the circulation between the two columns. Figure 5 shows
this difference as a function of log(u) for f. = (0,0.5,1.0). In all cases the difference is

essentially zero for small values of p. Thus, columns of sufficiently large lateral dimen-
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Figure 4: Evolution of mass flux M in the circulation between the columns as a function
of time for all cases which exhibited instability. The different values of u corresponding
to each curve are not labeled to avoid clutter, but larger values of u lead to shorter

relaxation times and larger equilibrium values in all cases.
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Figure 5: Difference between test column and reference column rainfall rates as a function

of log(u) for all tested values of f..

sions are stable. For y = 1 x 107% ks km™2, the parameter Az = 1/(uc) = 20000 km if
the gravity wave speed ¢ = 50 m s~*. Thus, circulations must have dimensions less than
10000 — 20000 km for instability to exist in the model.
As p increases, the difference between rainfall rates reaches a peak value and then
begins to decline for all values of f.. The reasons for this decrease are discussed below.
As noted earlier, the two-column calculation is only strictly valid if the difference
between column buoyancies is small. Figure 6 shows the difference between the test and
reference column potential temperatures, averaged over the height interval 3—12 km, as
a function of log(u). As p increases, the difference between the two columns decreases
for all values of f., indicating that the model results are most valid for the larger values
of u, i. e., for smaller spatial scales.
Figure 7 shows the equilibrium horizontal wind between the two columns and the
2

equilibrium vertical wind in the test column for the case f. = 0 and p = 20x107¢ ks km ™.

The horizontal wind is obtained from the entrainment profile: U = —AxE/p, where
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Figure 6: Difference between equilibrium potential temperatures in test and reference

columns, averaged over 3 — 12 km, as a function of log(u) for all values of f..
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Figure 7: Equilibrium horizontal wind U between the columns (left panel) and vertical

wind in the test column (right panel) for f, = 0 and p = 20 x 107% ks km™>.

Az =1/(pc) = 1000 km. The level of non-divergence is of order z = 7 km and vertical
velocities are comparable to radiative subsidence rates.

Figure 8 shows the vertical profiles of equilibrium equivalent potential temperature
and saturated equivalent potential temperature in the test and reference columns for
f.=0and = 20x 1075 ks km 2. Note that the test column is slightly colder than the
reference column up to about 4 km, as indicated by the profiles of saturated equivalent
potential temperature. However, the test column is warmer than the reference column
between 4 km and 12 km, and slightly colder from 12 km to the tropopause. More
significantly, the test column is significantly moister than the reference column except
at the surface, as indicated by the equivalent potential temperature profile. Since the
rainfall rate in the test column exceeded that in the reference column, this result is in
agreement with the hypothesis that more humid environments produce more rainfall.

All variables in the model are assigned cell-centered values. Surface values are ob-

tained by linear extrapolation to the surface. Extrapolation of the cell-centered equiv-
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Figure 8: Equilibrium profiles of 6. and 6. in the test and reference columns for the

case with f. =0 and pu = 20 x 107% ks km™2.

alent potential temperature values actually results in higher surface 6. in the reference
column than in the test column. This is physically interpreted to mean that weaker
convective mixing in the reference column allows surface fluxes to build up higher values
of surface or boundary layer equivalent potential temperatures.

The correlation between humidity and rainfall rate extends to all cases studied, as
is seen in figure 9, which shows the equilibrium rainfall rate in both test and reference

columns plotted versus the value of

1 b
e = es — Ve ) 2
50 b_@/ﬂ(e 0.)dz (23)

where @ = 1km and b = 5 km. The parameter §0, is a measure of the saturation
deficit in the altitude range over which significant precipitation formation takes place.
The correlation between saturation deficit and rainfall rate is essentially built into the
convective parameterization used in the present work, so this result doesn’t come as a

particular surprise. However, it does allow us to test the consequences of this hypothesis
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Figure 9: Equilibrium rainfall rate in test and reference columns plotted against 46, for

all test cases.
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in the two-column model.

The above result allows us to clean up one loose end, namely, why the difference
between test and reference column rainfall rates actually decreases when p increases
beyond a certain point. This apparently happens because the stronger coupling between
the columns drives not only the temperature profiles, but also the humidity profiles in
the two columns toward each other, which reduces 66.. However, since precipitation
is so closely coupled to 06, in the model, the rainfall differential between the columns

decreases as well.

4 Analysis of instability

According to the analysis in the introduction, the budget of equivalent potential temper-
ature should play a crucial role in the dynamics of the two-column system. In particular,
the column with the larger net source of equivalent potential temperature due to surface
fluxes and radiation should produce more rainfall than the other column, at least in a
steady state. We now test the validity of this hypothesis in the model.

Vertical integration of equation (11) gives us the time tendency of the vertically

integrated equivalent potential temperature in the test column:
d rh h h
@ / phedz = / <0,> Ed- + / pSudz = E, + 8., (24)
dt Jo 0 0

where we assume that w = 0 at the domain top, 2z = h. The first term on the right
side of (24) represents the lateral import of entropy, &, while the second, S, is the net
equivalent potential temperature source from radiation and surface fluxes.

Figure 10 shows a time series of total (latent plus sensible) surface heat flux in the test
and reference columns for the case f, = 0 and = 20 x 107® ks km™2. The test column

has stronger surface heat fluxes because the stronger deep convection in this column

!The model does not generate entropy in dissipative processes, so the equivalent potential tem-
perature is not increased by dissipation. However, this possibility must be accounted for in the real

world.

23



170}, f.=0 p=0.000020 A
test column
160R ]

1501 reference column |

140 !

! ! !
0 2000 4000 6000 8000
heat flux (W/l% ) vs time (ks)

0.50 net source

0.00 L
-0.50
-1.00

lateral import

! ! ! !
0 2000 4000 6000 8000

8, budget (K/d km kg/}n ) vs time (ks)

Figure 10: Time series of total surface heat flux in test and reference columns (upper
panel) and the equivalent potential temperature import, &, and generation, S, in the

test column (lower panel) for the case with f, = 0 and p = 20 x 107¢ ks km ™.

mixes down mid-level air with low equivalent potential temperature more effectively
than in the reference column. This increases the difference between the boundary layer
equivalent potential temperature 6,,, and the saturated sea surface equivalent potential

temperature .5 in the bulk flux formula, thus enhancing the flux, F:

Fe = ,oCDUeff(Qess — er). (25)

1'in both columns (see table 1).

The effective surface wind Uy is held fixed at 5 m s~

The generation of entropy by surface fluxes dominates radiative effects in this case, as
the radiative differences between the two columns, which are driven solely by differences
in water vapor profiles, are small. Thus, the enhanced surface fluxes cause the net
entropy source S, to be positive, as figure 10 shows. The lateral import of entropy &,
comes into balance with this source, and thus takes on negative values, which means
that entropy is being exported from the test to the reference column, as envisioned by

Neelin and Held (1987). It is interesting that an excess surface heat flux of only about

10 W m~2 is needed to drive the two-column circulation in this case.
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Figure 11: As in figure 10 except for f. = 1.

Figure 11 shows the corresponding plots for the case with f. = 1 and pu = 20 X
107% ks km™2, i. e., with 100% cloud fraction. The test column minus reference column
surface heat flux in this case is about 20 W m™2, or about twice that in the corresponding
case with f. = 0. Thus, the cloud radiation effects are acting indirectly to double
the differential surface heat flux between the columns. However, the biggest difference
between the f. = 0 and f. = 1 cases is the vast increase in the net production of entropy
in the test column. This grossly exceeds that explainable by the relative increase in
surface heat flux, and must be attributed to cloud-radiation interactions in the model.

This conclusion is confirmed by figure 12, which shows the radiative and convective
sources of equivalent potential temperature in the test column for the two cases discussed
above. Absorption near the mid-level bases of stratiform cloudiness is clearly evident,
as is the (probably too strong) absorption of solar radiation at high levels.

The gross moist stability (GMS) for these circulations may be calculated as follows:

d
Gvs = — | <96>Edz/ Ed= . (26)
0

E>0
Figure 13 shows the variation of the GMS with p for the three different values of f.. The

GMS increases by almost an order of magnitude as the fractional cloud cover increases
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Figure 12: Equilibrium radiative (diamonds) and convective (crosses) sources of equiv-
alent potential temperature as a function of height for g = 20 x 107% ks km ™2 and for

fe = 0 (left panel) and f. =1 (right panel).
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Figure 13: Gross moist stability (GMS) as a function of log(u) for f. = (0,0.5,1.0).
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Figure 14: Hypothesized factors affecting the balance of equivalent potential temperature

in the tropical atmosphere.

from zero to unity. This reflects the role of middle to upper level stratiform clouds in

reducing the outgoing longwave radiative flux.

5 Conclusions and discussion

Figure 14 summarizes our conclusions about the factors which control the mean equiv-
alent potential temperature of the tropical troposphere, and indirectly the intensity of
deep convection and rainfall there. The mean equivalent potential temperature in a
column is the result of a balance between the 6, tendency due to surface fluxes and
cloud-radiation interactions on the one hand, and the lateral export of high equivalent
potential temperature air by convection on the other hand.

The negative feedback in figure 14 results from the assumed sensitivity of rainfall pro-
duction to environmental equivalent potential temperature — if the mean environmental
0. becomes too large, rainfall increases and convective circulations become more intense,
resulting in enhanced lateral export and reduction in the environmental 6.. Negative

excursions of mean 6, have the opposite effect. If negative feedback dominates, then the
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amount of convection and rainfall becomes a smooth function of external forcing, i. e.,
the large scale anomaly in the net source of equivalent potential temperature.

The positive feedback comes from the tendency of deep convection to enhance local
surface heat fluxes by virtue of downdraft production, and to locally suppress outgoing
longwave radiation as a result of the creation of stratiform cloudiness. Whether instabil-
ity or stability occurs in the column depends on the relative weights of the positive and
negative feedbacks. For the present model, positive effects outweigh negative, resulting
in instability, which means that convection and rainfall in a column are not a unique
function of external forcing.

The above conclusions apply only to the two-column model with the particular choice
of diabatic parameterizations used. In order to make inferences about the real world,
the limitations of the model must be understood.

The two-column model reduces large scale tropical dynamics to its simplest elements,
eliminating in particular any effects of the Coriolis force and quasi-balanced dynamics.
The calculations reported here are also limited to equal SSTs in the two columns. The
results are thus applicable primarily to regions of nearly uniform SST very near the
equator, such as the west Pacific warm pool. A further limitation is the inability of
the model to produce differing ambient winds in the two columns in response to the
dynamics of the flow. This has a large effect on the ability of the model to reproduce
actual surface heat fluxes.

The convective parameterization exhibits a very strong relationship between environ-
mental humidity and precipitation rate, as illustrated in figure 9. The possible effects
of wind shear, aerosol concentration, etc., on precipitation are not accounted for. This
relationship needs to be tested extensively both by modeling and by observation before
it can be accepted with confidence.

The radiation parameterization also has significant deficiencies, particularly in the
treatment of shortwave radiation. In addition, the treatment of sub-grid-scale variability

in cloudiness is crude. In spite of these limitations, the qualitative effect of clouds
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on radiation would seem to be adequately represented by the model, with the biggest
uncertainties arising from predictions of the distribution of stratiform clouds by the
convective parameterization and the net radiative energy balance in the upper parts of
stratiform clouds.

In spite of the above limitations, the idea that convection and precipitation over
warm tropical oceans are driven by anomalies in the source of equivalent potential tem-
perature would appear to be a model-independent hypothesis worth testing in further
computational and observational work. In particular, the notion that convection can
induce an instability by virtue of its own effects on surface heat fluxes and outgoing
longwave radiation is particularly appealing as a way to explain the observed patchy
nature of deep convection over the warm equatorial oceans.
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