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Convection in the east Pacific intertropical convergence zone

David J. Raymond1

Key points:
• The east Pacific ITCZ occurs in a region of strong

meridional SST gradient.
• Boundary layer convergence drives a shallow cir-

culation in this region.
• Thermodynamic factors control deep convection

there.

The eastern tropical Pacific exhibits a strong, cross-
equatorial sea surface temperature (SST) gradient, which
drives a southerly flow in the atmospheric boundary layer.
Convergence in this flow is generally considered to drive
deep convection in the east Pacific intertropical conver-
gence zone (ITCZ). However, results from cloud mod-
eling and recent field programs provide an alternative
thermodynamic mechanism for controlling this convec-
tion. While shallow convection responds to boundary
layer convergence, deep convection appears to be con-
trolled by a combination of convective inhibition, sur-
face moist entropy fluxes, tropospheric relative humidity,
and moist convective instability. These factors explain
the sharp minimum in infrared brightness temperature
near 8◦ N while boundary layer convergence occurs over
a much broader range of latitudes.

1. Introduction

The east Pacific ITCZ was studied extensively in
EPIC2001 (East Pacific Investigation of Climate) [Ray-
mond et al., 2004]. These observations allowed us to de-
rive a clear picture of the latitudinal structure and the
temporal variation of the Hadley circulation north of the
equator and the associated ITCZ. Though the mean lati-
tude of the ITCZ was near 8◦ N during this period, it var-
ied between 6◦ N and 12◦ N [Raymond et al., 2006], with
higher latitude excursions being associated with easterly
wave passages or developing tropical cyclones [Petersen
et al., 2003].

Shallow and deep Hadley cell modes were found in con-
junction with the ITCZ [Zhang et al., 2004]. The former
exhibited a northerly return flow back across the equator
centered near 850 hPa while the latter was characterized
by a return flow in the upper troposphere. The eleva-
tion of the return flow reflected the depth of the corre-
sponding convection in the ITCZ. At times the actual flow
was a mixture of the two modes. The shallow mode was
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most prominent in convectively suppressed cases whereas
the deep mode dominated during the passage of easterly
waves or incipient tropical cyclones.

The question remains as to how convection is forced in
the ITCZ. A broadly accepted hypothesis is that this forc-
ing results from convergence in the boundary layer flow
driven by the SST gradient. This flow is often approx-
imated as the Ekman balance flow resulting from hori-
zontal pressure gradients in the boundary layer, which in
turn are related to spatial variations in the SST. Many of
these models are enhanced by the incorporation of mo-
mentum transfer from above the boundary layer or by
other mechanisms [Riehl et al., 1951; Lindzen and Nigam,
1987; Battisti et al., 1999; Tomas et al., 1999; Stevens et
al., 2002; Back and Bretherton, 2009a].

An alternative point of view, based on the ideas of
Emanuel [1986, 1987], Neelin et al. [1987], and Yano and
Emanuel [1991], is that surface moist entropy fluxes drive
convection, with stronger boundary layer winds resulting
in stronger fluxes. This is often referred to as the WISHE
(Wind-Induced Surface Heat Exchange) hypothesis [Yano
and Emanuel, 1991]. A refinement of these ideas invok-
ing the balance between surface fluxes and convective
downdrafts in the moist entropy budget [Raymond, 1995;
Emanuel, 1995] was employed by Raymond et al. [2006]
to explain the time variability of convection in the east
Pacific ITCZ.

More recent work has shown that two additional fac-
tors are related to the mean intensity of convection in this
region (as measured by average rainfall rate), the satura-
tion fraction or column relative humidity, defined as the
tropospheric precipitable water divided by the saturated
precipitable water,

S =

∫
rdp

/∫
r∗dp , (1)

and the instability index,

I = s∗lo − s∗hi. (2)

The instability index is a measure of moist convective
instability, with moist neutral conditions yielding I = 0
[Bretherton et al., 2004; Peters and Neelin, 2006; Ray-
mond and Sessions, 2007; Gjorgjievska and Raymond,
2014; Raymond et al., 2014; Raymond and Flores, 2016].
The quantity r in the saturation fraction is the water va-
por mixing ratio, r∗ is the saturated mixing ratio, and p
is the pressure. In the instability index, s∗ is the satu-
rated moist entropy, the subscript lo indicates a height
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average over [1, 3] km, and the subscript hi indicates an
average over [5, 7] km. Rainfall tends to increase with
stronger surface moist entropy fluxes and larger satura-
tion fraction. However, smaller values of instability in-
dex (down to some limit) tend to produce more rainfall,
as the above-cited works show. This somewhat counter-
intuitive result may provide a partial explanation for the
latitudinal preference and variability of the east Pacific
ITCZ.

The deep convective inhibition (DCIN) was also found
by Raymond et al. [2003] to be a factor in the control of
convection in the east Pacific. This is defined

DCIN = st − sb (3)

where sb is the moist entropy averaged over the
[900, 1000] hPa layer and st is the saturated moist en-
tropy in the [810, 830] hPa layer. It comes into play par-
ticularly in regions of lower SST.

In strongly convective situations, the saturation frac-
tion and the instability index are not independent
[Gjorgjievska and Raymond, 2014]. Due to cloud pro-
cesses described by Singh and O’Gorman [2013], an anti-
correlation exists between moist instability and tropo-
spheric relative humidity in strong convection. This oc-
curs because ascending cloud parcels must have greater
initial buoyancy to maintain positive buoyancy upon mix-
ing with a drier enviroment. Raymond et al. [2014] re-
fer to this as the principle of moisture quasi-equilibrium.
Thus, in strong convection, the mean precipitation rate
appears to be governed by only three factors, the deep
convective inhibition, the surface moist entropy flux, and
the instability index, the last of which encompasses the
effects of saturation fraction as well. In weaker convec-
tion, moisture quasi-equilibrium takes too long to estab-
lish itself and the saturation fraction retains an indepen-
dent role [Raymond, 2000]. In this case there is an upper
bound on the saturation fraction which decreases with
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Figure 1. Mean conditions along 95◦ W from EPIC2001
observations. Black contours indicate zonal wind at
2 m s−1 intervals with the heavy contour indicating zero
wind. Blue and red shades indicate westerlies and east-
erlies respectively. Arrows indicate the meridional wind
with a scale of 10 m s−1 deg−1. The yellow contours in-
dicate potential temperature with a 2 K contour interval.

increasing instability index [Singh and O’Gorman, 2013;
Raymond and Flores, 2016].

The variance in the surface entropy flux is associated
primarily with boundary layer wind speed variations,
whereas according to Raymond et al. [2015], the varia-
tions in the instability index are a consequence of the
balanced thermal response to variations in the vorticity
distribution. This comes about as a result of the ther-
mal wind associated with the shear in the tangential wind
above and below the vorticity maximum. Persistent large
values of DCIN in the east Pacific are generally associated
with low SSTs.

The purpose of this paper is to determine whether the
above factors can explain the mean latitudinal distribu-
tion of deep convection in the tropical east Pacific. Drop-
sonde observations obtained during EPIC2001 constitute
the primary data source for this analysis.

2. Data and methods

In EPIC2001, dropsondes were deployed in repeated
traverses between 12◦ N and the equator along 95◦ W
using the National Center for Atmospheric Research’s C-
130 aircraft over a 6-week period in September-October
2001. For 3 of these weeks, the National Oceanic
and Atmospheric Administration’s ship R/V Ron Brown
launched radiosondes 6 times per day at (95◦ W, 10◦ N).
It also carried a C-band scanning Doppler radar that was
used to characterize the convection.

Raymond et al. [2003] compiled the results of 8 C-130
traversals along 95◦ W including information from the
dropsondes as well as SSTs and satellite infrared bright-
ness temperatures along the aircraft trajectory. The C-
130 flew the traversals at just above 500 hPa, so sounding
results are available from the surface to 500 hPa. Drop-
sondes were deployed approximately every 1◦ of latitude
and the results were interpolated to 5 hPa intervals. For
more details, see Raymond et al. [2003] and Raymond et
al. [2006].

The saturation fraction and instability index were com-
puted as a function of latitude for all flights. Due to the
flight level of the aircraft, the value of s∗hi was taken as
the value of the saturated moist entropy at 500 hPa in
the computation of instability index. The value of s∗lo
was taken as the average value of the saturated entropy
in the pressure range [700, 900] hPa.

The surface moist entropy flux E was calculated using
a simple bulk formula with a constant transfer coefficient
CD = 0.0012,

E = ρbCD(s∗ss − sb)(U
2
b +W 2)1/2, (4)

where ρb is the air density in the boundary layer
([970, 1020] hPa), sb and Ub are the boundary layer moist
entropy and wind speed, s∗ss is the saturated sea surface
moist entropy, and W = 3 m s−1 is a gustiness correction
[Miller et al., 1992].

Raymond and Flores [2016] explored the thermody-
namic control of rainfall in a large set of weak tempera-
ture gradient cloud resolving model runs [Raymond and
Zeng, 2005; Herman and Raymond, 2014; Daleu et al.,
2015] and derived an empirical equation for rainfall rate
as a function of three parameters: surface moist entropy
flux (E), instability index (I) and saturation fraction (S):

R3 = −28 + 36.4E − 2.67I + 83.3S mm d−1. (5)
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Raymond and Flores [2016] found that moisture quasi-
equilibrium allowed the saturation fraction to be omitted
from the regression leading to this equation. However,
the saturation fraction is retained in this work as con-
vection south of the ITCZ may not be strong enough to
enforce moisture quasi-equilibrium.

Comparison with observations suggest that this equa-
tion overestimates the rainfall by a factor of ≈ 2-3, an
error possibly attributable to the use of two-dimensional
calculations with a crude cloud physics scheme employed
in the derivation of this relationship. In spite of this,
the model results show significant skill in predicting av-
eraged rainfall rates when the above correction factor is
taken into account [Raymond and Flores, 2016].

Two circumstances are not accounted for by the anal-
ysis of Raymond and Flores [2016]. First, though smaller
values of instability index tend to yield larger rainfall
rates, there is a lower limit to this dependence, since neg-
ative values of instability index represent a convectively
stable environment. This limit needs further observa-
tional and theoretical investigation, but for the present
work, the rainfall is set to zero if I < 0. Second, strongly
positive values of DCIN are also likely to suppress deep
convection, as it becomes difficult to lift parcels out of the
planetary boundary layer in this case. Rainfall is sup-
pressed when DCIN > 20 J K−1 kg−1. Results do not
vary qualitatively for cutoff values in the range −5 < I <
5 J K−1 kg−1 and 10 < DCIN < 30 J K−1 kg−1. After
deriving the rainfall pattern for each traverse, the aver-
age values of all quantities from the 8 C-130 traverses are
computed.

3. Results

Figure 1 shows the average wind and potential temper-
ature structure along 95◦ W. Strong meridional poten-
tial temperature gradients exist below 800 hPa due to the
SST gradient, with weak potential temperature gradients
above. Strong southerly winds below 900 hPa terminate
near 8◦ N, which is also the point of maximum westerlies
in the zonal flow. A weak northerly return flow exists
between 800 hPa and 900 hPa and an easterly jet exists
over the equator with a maximum at 700 hPa.

Figure 2 shows various time-averaged quantities plot-
ted as a function of latitude. The SST, shown in the up-
per left panel, has its strongest latitudinal gradients south
of 3◦ N, with water 27◦ C or greater north of this point.
However, as the plot of deep convective inhibition (up-
per right) shows, DCIN values remain prohibitively large
for deep convection to occur until 4◦-6◦ N. The bound-
ary layer meridional wind ([970, 1020] hPa; lower left) ex-
hibits approximately uniform convergence with latitude
over the range [4, 10] N, with minor fluctuations. In spite
of this, the infrared brightness temperature (lower right)
exhibits a sharp minimum near 8◦ N, indicating a strong
preference for convection at this latitude. If convection
were forced solely by boundary layer convergence, one
would expect a much broader distribution of low infrared
brightness temperature with latitude.

Figure 3 shows plots of parameters pertinent to the
thermodynamic forcing hypothesis for deep convection.
The upper left plot shows the saturation fraction as a
function of latitude, averaged over the 8 cases. This quan-
tity peaks near 8◦ N, which coincides with the minimum
in infrared brightness temperature. The instability index
(upper right) exhibits a low value of about 5 J K−1 kg−1

over the range [2◦, 8◦] N and then increases dramatically
with increasing latitude. The surface moist entropy flux
(lower left) is large south of 6◦ N and then decreases dra-
matically north of this point. The rainfall R3 is plotted in
the lower right panel of figure 3. Note that it is similar in
form to the infrared brightness temperature plot in figure
2, peaking sharply near 7◦ N, which is only 1◦ south of
the minimum in the brightness temperature. This simi-
larity strongly suggests that the computed rainfall R3 is
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Figure 2. Time-averaged values of SST (upper left),
DCIN (upper right), boundary layer meridional wind
(lower left), and infrared brightness temperature (lower
right) as a function of latitude. The black horizontal line
in the DCIN plot shows the assumed threshold for rain
production.
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Figure 3. Time-averaged values of saturation fraction
(upper left), instability index (upper right), surface moist
entropy flux (lower left), and rainfall rate R3 computed
from (5).
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at least qualitatively representative of the actual averaged
rain.

In interpreting the rainfall plot, it is important to re-
call that the thresholding on rain associated with large
values of DCIN and small values of instability index is
applied before the time averaging. The decrease in rain-
fall south of 8◦ N is due partly to this thresholding and
partly due to the decrease of saturation fraction. How-
ever, the decrease north of this point is due primarily to
the steep increase in instability index there. Variations in
the surface moist entropy flux contribute only weakly to
this decrease. Thus, variations in the instability index,
saturation fraction, and the deep convective inhibition
appear to exert the primary control over convective rain-
fall in this region.

Raymond et al. [2015] attribute variations in instability
index to the potential vorticity pattern in the atmosphere.
In regions of flat SST, these variations produce a unique
pattern of balanced potential temperature perturbations.
Since saturated moist entropy is a function of only tem-
perature and pressure, the instability index pattern is
therefore uniquely determined by the potential vorticity,
assuming that the flow is dynamically balanced and that
virtual temperature effects are unimportant. However,
strong SST gradients engender corresponding tempera-
ture gradients in the atmospheric boundary layer. These
gradients have an important effect on the potential vor-
ticity inversion and can therefore affect the pattern of
instability index. The relative vorticity is weak in the av-
eraged data, so the boundary layer potential temperature
gradients appear to be more important in this case.

4. Conclusions

The east Pacific ITCZ is located (for most of the year)
over a strong, meridional SST gradient that drives cross-
equatorial southerly winds below 900 hPa. These winds
terminate in a region of convergence that is thought to re-
sult from Ekman balance (sometimes extended to include
downward momentum transfer from above the boundary
layer) and is generally identified with the ITCZ. How-
ever, data from the EPIC2001 project demonstrate that
two circulations exist in this region, with a northerly
return flow located near 850 hPa associated with shal-
low, planetary boundary layer convection, and a deeper
northerly flow in the middle to upper troposphere fed by
deep convection [Zhang et al., 2004]. The shallow cir-
culation dominates in convectively suppressed situations
but disappears in the presence of intense deep convec-
tion. With more moderate convection, the two can coex-
ist [Raymond et al., 2006].

On the average, boundary layer convergence is spread
over a broad range of latitudes along 95◦ W, from 4◦ N to
10◦ N in EPIC2001 data [Raymond et al., 2006]. Yet, the
average satellite infrared brightness temperature exhibits
a sharp negative peak near 8◦ N, suggesting that Ekman
convergence is not the whole story in the forcing of deep
convection in this region.

Further evidence comes from considering individual
EPIC2001 case studies. In particular, the strongly con-
vective case of 23 September 2001 exhibited a much
deeper than normal inflow from the south as well as sig-
nificant disagreement between the boundary layer con-
vergence predicted by Ekman balance and the actual re-
gion of convergence. On the other hand, the convectively
suppressed case of 2 October 2001 exhibited no deep con-
vection at all, even though there was a robust shallow
circulation that was well predicted by Ekman balance.

Recent work studying convection in tropical waves and
depressions [Raymond et al., 2014] as well as weak tem-
perature gradient cloud modeling [Raymond and Flores,
2016] suggest that deep convective precipitation is con-
trolled by thermodynamic factors including the surface
moist entropy flux, the instability index, and the satura-
tion fraction.

This paper shows that application of these ideas to
the east Pacific ITCZ region using EPIC2001 data pro-
vides a plausible explanation for the sharp minimum in
infrared brightness temperature near 8◦ N in this region.
In particular, large values of deep convective inhibition
and decreasing saturation fraction south of this latitude
as well as increasing values of the instability index to the
north explain the suppression of convection and precipi-
tation away from the 7◦-8◦ N band using the algorithm
of Raymond and Flores [2016].

Given that the top-heaviness of convection increases
with increasing instability index [Raymond et al., 2014,
2015], our model predicts that convective mass flux pro-
files should be bottom-heavy in the heart of the ITCZ
and more top-heavy to the north over warmer SSTs.

To make further progress, we need measurements of
convective mass flux profiles in the various regions of
the east Pacific. Existing estimates of these profiles are
inconsistent and unreliable [Back and Bretherton, 2006,
2009b; Handlos and Back, 2014; Huaman and Takahashi,
2016]. Application to the east Pacific of observational
techniques developed in recent field programs [Raymond
et al., 2011; Gjorgjievska and Raymond, 2014] would re-
solve these questions.
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Raymond, D. J., Ž. Fuchs, S. Gjorgjievska, and S. L.
Sessions, (2015), Balanced dynamics and convection in
the tropical troposphere, J. Adv. Model. Earth Syst., 7,
doi:10.1002/2015MS000467.

Raymond, D. J., S. Gjorgjievska, S. Sessions, and Ž. Fuchs,
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